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Abstract In both the observational record and atmosphere-ocean general circulation model (AOGCM) simulations of the last ∼150 years, short-lived negative radiative
forcing due to volcanic aerosol, following explosive eruptions, causes sudden global-mean cooling of up to ∼0.3 K.
This is about five times smaller than expected from the
transient climate response parameter (TCRP, K of globalmean surface air temperature change per W m−2 of radiative forcing increase) evaluated under atmospheric CO2
concentration increasing at 1 % yr−1. Using the step model
(Good et al. in Geophys Res Lett 38:L01703, 2011. doi:1
0.1029/2010GL045208), we confirm the previous finding
(Held et al. in J Clim 23:2418–2427, 2010. doi:10.1175/2
009JCLI3466.1) that the main reason for the discrepancy
is the damping of the response to short-lived forcing by the
thermal inertia of the upper ocean. Although the step model
includes this effect, it still overestimates the volcanic cooling simulated by AOGCMs by about 60 %. We show that
this remaining discrepancy can be explained by the magnitude of the volcanic forcing, which may be smaller in
AOGCMs (by 30 % for the HadCM3 AOGCM) than in offline calculations that do not account for rapid cloud adjustment, and the climate sensitivity parameter, which may
be smaller than for increasing CO2 (40 % smaller than for
4 × CO2 in HadCM3).
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1 Introduction
The global-mean surface air temperature, expressed as the
difference T from an unperturbed steady state, is widely
used as an indicator of the magnitude of global climate
change, both in observations and in simulations of the
past and future. Changes in T occur as a result of unforced
(internally generated) variability of the climate system on
all timescales, and in response to radiative forcing of the
climate system.
Anthropogenic radiative forcing, mainly due to wellmixed greenhouse gases and tropospheric aerosols, has
increased monotonically and rather smoothly during the
“historical” period i.e. since the mid-nineteenth century,
the period for which we have instrumental estimates of T
(Fig. 1a), and is projected to continue to rise during the present century at a rate which depends on the emissions scenario. For example, the Fifth Assessment Report (AR5) of
the Intergovernmental Panel on Climate Change considered
a set of scenarios under which the nominal radiative forcing
at 2100 (relative to pre-industrial, regarded as the unperturbed steady state) ranges between 2.6 and 8.5 W m−2
(e.g. Fig. 12.4 of Collins et al. 2013).
When integrated with historical changes in radiative
forcing agents, coupled atmosphere–ocean general circulation models (AOGCMs) show an ensemble-mean historical warming trend due to anthropogenic forcing that is
very similar to the observed, as many studies have demonstrated (recently assessed by Bindoff et al. 2013). For
example, in Fig. 2a we compare the ensemble-mean T from
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Fig. 1  a Timeseries of historical annual-mean radiative forcing F(t)
assessed by Myhre et al. (2013) (AR5, Sect. 1) and for volcanic aerosol alone diagnosed from the HadCM3-A sstPiHistVol experiment
(Sect. 3). The first years of the six named major volcanic eruptions
are indicated by the vertical lines. b Comparison of the AR5 estimate
of historical volcanic forcing with the HadCM3-A sstPiHistVol estimate (Sect. 3)
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for the historical period from the Fifth Assessment Report
(AR5) of the Intergovernmental Panel on Climate Change
(Fig. 1a; Myhre et al. 2013) shows a maximum magnitude
of −3.6 W m−2 for the Krakatau eruption of 1883. The
Pinatubo eruption of 1992 was the next largest, and there
have been no such large events since. Other estimates of
time-dependent volcanic F(t) are similar (e.g. Figs. 2, 5 of
Forster et al. 2013).
The CMIP5 ensemble-mean T shows a sudden globalmean cooling of 0.1–0.3 K caused by the negative forcing from each historical volcanic eruption (Fig. 2a). The
observed T timeseries has larger interannual variability,
because unforced interannual variability is independent in

Global mean surface air temperature change T (K)

the “historical” simulations of 16 AOGCMs of the Coupled
Model Intercomparison Project Phase 5 (CMIP5, Table 1,
black line) with an observational estimate (HadCRUT4,
green line, Morice et al. 2012). We use one integration of
each AOGCM, and the historical T in each is the difference from its parallel control experiment with constant preindustrial atmospheric composition.
The historical simulations also include natural forcing, due to variability of solar irradiance and to aerosol
injected into the stratosphere by explosive volcanic eruptions (henceforth referred to as “volcanic aerosol”). For a
few years following the eruption, volcanic aerosol causes
a net negative radiative forcing (“volcanic forcing”) of the
climate system, by reflection of sunlight (shortwave radiation), partly offset by absorption of outgoing longwave
radiation by the volcanic aerosol (Oman et al. 2005; Forster and Taylor 2006). The timeseries of volcanic forcing
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Fig. 2  Global-mean surface air temperature T simulated by the
ensemble mean of CMIP5 AOGCMs, compared with the ensemble
means of estimates made from the historical forcing timeseries of
Myhre et al. (2013) using constant TCRP (1/ρ) (Sect. 1) and using
the step model (Sect. 2), (a) historical experiment (anthropogenic and
natural forcings), relative to the time-mean of 1961–1990, also showing the HadCRUT4 observational T (Morice et al. 2012), (b) historicalNat experiment (natural forcings only), relative to control, also
showing results with forcing diagnosed from the HadCM3-A sstPiHistVol experiment (Sect. 3)
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Table 1  CMIP5 AOGCMs used in this work
AOGCM

Nat?

α

κ

ρ

ACCESS1.0
ACCESS1.3
CanESM2
CNRM-CM5
CSIRO-Mk3.6.0
GFDL-CM3
HadGEM2-ES
INM-CM4
IPSL-CM5A-LR

N
N
Y
Y
Y
Y
Y
N
Y

1.00
1.22
1.14
1.13
1.12
1.12
0.75
1.63
0.99

0.74
0.85
0.56
0.59
0.74
0.72
0.55
0.88
0.69

1.74
2.07
1.70
1.71
1.85
1.84
1.30
2.51
1.68

IPSL-CM5A-MR
MIROC-ESM
MIROC5
MPI-ESM-LR
MPI-ESM-MR
MRI-CGCM3
NorESM1-M
All 16 AOGCMs

Y
Y
N
N
N
Y
Y

1.01
1.32
2.11
1.45
1.54
1.62
1.79
1.31 ± 0.35

0.69
0.80
0.85
0.72
0.68
0.66
0.94
0.73 ± 0.11

1.70
2.13
2.96
2.18
2.22
2.28
2.73
2.04 ± 0.43

10 Nat AOGCMs

1.20 ± 0.31

0.69 ± 0.12

1.89 ± 0.39

For all of them a historical experiment for 1860–2010 was available,
with time-dependent volcanic aerosol, solar irradiance, and anthropogenic changes in atmospheric composition. The column headed
“Nat?” indicates the AOGCMs (marked “Y”) for which a historicalNat experiment for 1860–2010 was used, with natural forcings only
(volcanic and solar, not anthropogenic). The climate feedback parameter α, ocean heat uptake efficiency κ and climate resistance κ are in
W m−2 K−1 and evaluated from the time-means of years 61–80 in
1pctCO2 experiments using the 4 × CO2 forcing derived from years
1–20 of abrupt4xCO2 experiments (the same as in Table 1 of Gregory
et al. 2015). The last two rows show the ensemble mean and standard
deviation

each model; the interannual√standard deviation of T would
be reduced by a factor of 16 in the mean if it were the
same in all the individual models. Against this background,
it is not simple to evaluate the cooling due to each volcano
in reality. A thorough evaluation of the AOGCMs compared with observations involves removing the influence
of and considering the relationship with unforced modes of
variability such as El Niño (Thompson et al. 2009; Driscoll
et al. 2012; Ding et al. 2014; Maher et al. 2015). In this
work, our interest is the factors affecting the magnitude of
cooling as simulated by the AOGCMs.
With time-dependent forcing F(t) that increases at a
roughly constant rate, experiments with AOGCMs show
that F(t) = ρT (t) is a fairly good approximation on timescales from about 10 years to several decades (Raper et al.
2002; Gregory and Forster 2008; Gregory et al. 2015),
where the climate resistance ρ (W m−2 K−1) is a modeldependent property of the climate system. The physical
interpretation of this simple model is that the radiative forcing F is balanced by heat loss αT to space and heat uptake

κT by the ocean, which holds the great majority of the
heat capacity of the climate system (Levitus et al. 2001;
Church et al. 2013). The climate feedback parameter α and
the ocean heat uptake efficiency κ are both positive, and
ρ = α + κ. In this picture, T is a surface skin temperature,
with negligible thermal inertia, determined by the Earth
energy balance F = N + αT , where N is the net downward radiative heat flux at the top of the atmosphere, and
N = κT if we neglect heat storage other than in the ocean.
We call F = ρT the “zero-layer model” (Bouttes et al.
2013), because it does not include any finite heat capacity.
We call 1/ρ the “transient climate response parameter”
(TCRP, K W−1 m2, Gregory et al. 2015). It is the increase
in global-mean temperature per unit increase in radiative forcing during time-dependent climate change. The
standard benchmark for the predicted AOGCM response
to anthropogenic forcing is the transient climate response
(TCR, Cubasch et al. 2001), evaluated under the idealised 1pctCO2 scenario, in which the atmospheric CO2
concentration increases at 1 % yr−1. The TCR is defined
as T after 70 years, the time of 2 × CO 2 i.e. double the
initial concentration. The TCR and TCRP are related by
TCR = F2× × TCRP = F2× /ρ, where F2× is the radiative forcing of 2 × CO 2. (We use use the term “TCRP”
rather than “transient climate sensitivity”, which has also
been suggested e.g. Held et al. 2010, to avoid confusion
with the equilibrium climate sensitivity, and following an
analogy with the relationship between the equilibrium climate sensitivity in K and the climate sensitivity parameter
in K W−1 m2.)
Gregory and Forster (2008) and Held et al. (2010)
pointed out that in observations and simulations of historical climate change the response of T to volcanic forcing is
much smaller than would be expected from ρ calculated
for CO2 forcing from idealised scenarios of CO2 increase.
We demonstrate this by comparing the AOGCM ensemblemean historical T with the ensemble mean of estimates
derived from the AR5 historical forcing according to the
zero-layer model F = ρT (Fig. 2a, black and blue lines)
using ρ for each model from its own 1pctCO2 experiment
(Table 1). The time-profile of anthropogenic warming is
reasonably well-reproduced by the zero-layer model, with
somewhat overestimated magnitude—this could be because
the TCRP is larger at the higher CO2 concentration at
which it is evaluated under 1pctCO2 (Gregory et al. 2015).
However, the short-lived pronounced volcanic cooling is
hugely exaggerated by the zero-layer model.
As a simple measure of this effect, for each of the
six major eruptions named in Fig. 2, we compute
the “volcanic cooling” ∆T = min(T (t), T (t + 1))−
−mean(T (t − 2), T (t − 1)), where t is the year of the eruption, for both the zero-layer and the AOGCM T. This quantity measures the maximum cooling caused by the volcanic
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Fig. 3  Global-mean surface air temperature change T with respect to
control simulated by the ensemble of HadCM3 histVol experiments
(Sect. 2), and estimated by the step model using various combinations of forcing and response (Sects. 2, 3 and 4). For the dotted red
line, the AR5 forcing was adjusted by adding a constant so that it had
the same time-mean as the HadCM3 forcing. The HadCM3 ensemble
mean is shown by the thick black line and the envelope (from maximum to minimum in each year) of the four integrations by the grey
shading

forcing with respect to the years immediately before.
According to a one-parameter regression (requiring an intercept of zero) of the ensemble-mean ∆T from the zero-layer
model against the AOGCM ensemble-mean ∆T , the zerolayer model overestimates the cooling by a factor of about
five.
Held et al. (2010, their Fig. 3) show that the overestimate by the zero-layer model can be explained by its
neglect of the heat capacity Cu of the upper ocean, which is
important for episodic forcing (like volcanoes), but not for
gradual multidecadal forcing change (like 1pctCO2). They
demonstrate this by using the one-layer model (so called by
Geoffroy et al. 2013, and “upper-layer model” by Gregory
et al. 2015)

dT
dT
+ γ T ⇒ Cu
dt
dt
= F − αT − γ T = F − ρT ,

F − αT = N = Cu

(1)

where γ T is the rate of heat loss from the upper ocean to
the deep ocean beneath, which is treated as an infinite heatsink. In the limit Cu → 0, the upper-layer model becomes
the zero-layer model F = ρT , if we identify γ with κ so
that ρ = α + γ .
If a forcing F is imposed instantaneously at t = 0 and
held constant, T = (F/ρ)(1 − e−ρt/Cu ) in the upper-layer
model. From CMIP5 abrupt4xCO2 experiments, in which
CO2 is quadrupled at the start and subsequently held constant, Geoffroy et al. (2013) found that Cu has the heat
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capacity of a few tens of metres of water, and the response
timescale Cu /ρ is 4.1 ± 1.0 years (τf in their Table 4); Held
et al. (2010) assume 4 years. For times which are much
shorter than this, Cu dT /dt = Fe−ρt/Cu ≃ F and ρT ≪ F .
i.e. most of F is absorbed by the upper-ocean heat capacity (of course volcanic forcing is negative, and “absorption”
means loss of heat in this case) rather than by heat loss to
the deep ocean or through climate feedback. For volcanic
forcing which is large in magnitude for only a year or
two, the TCRP and the zero-layer model are therefore not
applicable.
Considering the Earth energy balance F = N + αT , we
see that the prediction of T in response to volcanic forcing
is affected by uncertainties in the forcing F and the feedback α, as well as in the ocean heat uptake N. Two issues
in particular have been identified in previous studies of
the AOGCM simulation of volcanic response (e.g. Wigley
et al. 2005; Boer et al. 2007; Bender et al. 2010), namely
that volcanic F is not exactly known in AOGCMs because
it is not usually diagnosed, and that α for volcanic forcing might not be the same as for CO2. As an alternative to
analysis of the AOGCM experiments, in this work we estimate the AOGCM response to episodic volcanic forcing
using the “step” model (described in the next section), with
which we compare the influences on the AOGCM response
of N, F and α in Sects. 2, 3 and 4 respectively, In Sect. 5 we
draw conclusions about the TCRP as applied to volcanic
forcing, including comparison with the results of Merlis
et al. (2014).

2 Ocean heat uptake
The “step” model (Good et al. 2011) has the advantage that
it avoids fitting any parametric form to the AOGCM results,
unlike the upper-layer model and the upwelling–diffusion
model of Wigley et al. (2005). Instead, it uses the response
of the AOGCM itself to constant forcing instantaneously
imposed (i.e. a “step-change”). The step model relies on
the assumption of linear systems theory (Good et al. 2015)
that the response of the system depends linearly on forcing,
so that the response to a sum of forcings equals the sum
of responses to individual forcings. Therefore the response
X(t) of any climate variable to a forcing scenario F(t) can
be estimated as the sum of responses to a series of t annual
forcing increments F(t) − F(t − 1), with F(0) = 0, according to

X(t) =

t

t ′ =1

Xs (t − t ′ + 1)

F(t ′ ) − F(t ′ − 1)
Fs

(2)

where the sum is over years, and Xs (t) is the response after
t years to a constant forcing Fs imposed at t = 0.
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Table 2  Experiments carried out with the HadCM3 AOGCM, indicating in which section of the paper each is first discussed and the
number of integrations in cases of an ensemble
Experiment

Description

Control

Pre-industrial AOGCM control experiment with
constant atmospheric composition (piControl
experiment of CMIP5, Sect. 2)
AOGCM with historical volcanic aerosol 1860–2010
and otherwise control conditions (Sect. 2, ensemble
of 4)
AGCM with constant atmospheric composition as
in the AOGCM control and sea-surface conditions prescribed from the control, 100 years long
(Sect. 3)
AGCM with historical volcanic aerosol 1860–2010
and other conditions as in sstPi (Sect. 3, ensemble
of 2)
AOGCM with constant volcanic aerosol of January
1992 and otherwise control conditions, 20 years
long (Sect. 4, ensemble of 14)
AGCM with constant volcanic aerosol of January
1992 and other conditions as in sstPi, 20 years long
(Sect. 4)

histVol

sstPi

sstPiHistVol

abruptPin

sstPiPin

abrupt4xCO2

AOGCM with four times the control CO2 concentration and otherwise control conditions (Sect 2,
ensemble of 7)

For the sake of argument, let us idealise the forcing due
to a single volcanic eruption as a step of F(<0) in year t = 1
and a step of −F in year t = 2 back to the initial level i.e. a
pulse lasting for a year. According to Eq. 2, the response to
the pulse with respect to the mean state is

X(t) =

F
(Xs (t) − Xs (t − 1))
Fs

(3)

(only these two terms in the sum are non-zero). Although
we do not use this equation in a form with continuous time,
it is interesting to note that for small δt

F dXs
X(t)
=
δt
Fs dt
and in the limit δt → 0 the response to a delta-function
pulse is the time-derivative of the step response.
Since Xs (0) = 0 (before the forcing is switched on),
X(1) = (F/Fs )Xs (1). Hence N in the year of the eruption is simply the first-year Ns (1) in response to the step
forcing, scaled by the ratio F/Fs of the forcings, and
N(1)/F = Ns (1)/Fs. In the ensemble mean of CMIP5
abrupt4xCO2 experiments for the models of Table 1,
Ns (1)/Fs = 0.83 (estimated from the linear fit shown in
Fig. 5 of Gregory et al. 2015). Thus the step model agrees
with the upper-layer model in predicting N ≃ F during a
short volcanic eruption. That is, a much larger proportion of

F is absorbed by the ocean than in the case of the gradually
increasing 1pctCO2 forcing, for which N/F = κ/ρ ≃ 0.36
in the model mean at the time of 2 × CO 2 (Table 1).
Running the step model with each AOGCM’s
abrupt4xCO2 Ts (t) and the AR5 forcing timeseries
(Fig. 1a), we estimate the ensemble-mean T(t) for the
CMIP5 historical and “historicalNat” experiments (solid
red lines in Fig. 2); the latter has the same natural forcing as the former, but no anthropogenic forcing. As Held
et al. (2010) found with the upper-layer model, the volcanic
cooling in the step model is much smaller than given by
constant TCRP. However, it is still somewhat larger than
in the AOGCMs. Computing ∆T as defined in Sect. 1 for
the historical ensemble, we find that the step model overestimates the volcanic cooling by about 60 % on average.
Moreover, the step-model simulations for historicalNat
show a long-term negative trend not present in the AOGCM
ensemble mean.
Since the CMIP5 historical experiments include solar
forcing as well as volcanic, we have carried out a “histVol” experiment, comprising an ensemble of four integrations with time-dependent historical volcanic aerosol
1860–2010 and no other forcing agents using the HadCM3
AOGCM (Gordon et al. 2000). This model was included
in CMIP3 (the previous generation of the Coupled Model
Intercomparison Project), performs well in comparison to
many more recently developed AOGCMs (Reichler and
Kim 2008) and is computationally relatively inexpensive
by today’s standards. (The experiments referred to in this
paper are listed in Table 2.) Given ρ = 1.6 W m−2 K−1 for
HadCM3 under CO2 forcing (Gregory and Forster 2008),
the zero-layer model predicts a maximum cooling of about
2 K during the largest events, whereas HadCM3 cools
by 0.3 K at most relative to its control (Fig. 3). Using the
HadCM3 abrupt4xCO2 Ts (t) and the AR5 volcanic F(t), the
step model gives a maximum cooling of about 0.6 K, and
a long-term negative trend (Fig. 3), qualitatively similar to
the CMIP5 historicalNat ensemble.
In summary, the results of the step model for CMIP5 and
HadCM3 confirm that the zero-layer model’s neglect of
upper-ocean heat capacity is the main reason for the excessive cooling it predicts in response to volcanic forcing, but
indicate that it is not the whole explanation.

3 Volcanic forcing
CMIP5 does not include experiments which can be used
to diagnose the volcanic forcing simulated by AOGCMs,
unlike for CO2, and the lack of knowledge of F is an obstacle to analysis of the T response (Bender et al. 2010).
Therefore we run a pair of experiments (sstPi and sstPiHistVol, Table 2) to diagnose the historical volcanic
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Sect. 4), and HadGEM2-A AMIP experiments (Sect. 3). Both the
AOD and the forcing are shown as differences from the state of the
model in the control experiment

Global mean net downward radiation at TOA
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forcing with HadCM3-A (the atmosphere general circulation model, or AGCM, component of HadCM3), prescribing constant climatological sea surface boundary conditions (temperature and sea-ice) from the coupled HadCM3
control experiment. Experiment sstPi has volcanic aerosol
prescribed at the constant level of the HadCM3 control,
which is typical of the long-term mean; F = 0 by definition
if this is regarded as the unperturbed state. Experiment sstPiHistVol has time-varying historical volcanic aerosol.
Since the sea surface conditions are the same in the two
experiments, global-mean T is almost the same (0.002 K
cooler in sstPiHistVol; the effect of land temperature
change is very small). Hence αT cancels out in the difference in the energy balance F = N + αT between the two
experiments, and F(t) is diagnosed as the difference in
N(t) (Hansen et al. 2005; Held et al. 2010; Andrews 2014).
There is statistical uncertainty in this estimate of F due to
unforced variability in N, whose interannual standard deviation is 0.17 W m−2 in the HadCM3 atmosphere model with
constant boundary conditions. Consequently √
we regard
forcing with magnitude |F| < 1.65 × 0.17/ 2 = 0.22
W m−2 as insignificant (at the 10 % level) in the ensemble
mean of the two integrations of sstPiHistVol.
The HadCM3 volcanic forcing (Fig. 1a) is positive in
years when there is no volcanic aerosol (the majority of
years, between major eruptions), because there is a nonzero concentration in the control. The alternative assumption, made in the AR5, that zero volcanic aerosol implies
zero forcing, is incorrect for the real world, because the
unperturbed natural state of the climate system includes the
effects of occasional eruptions. The permanent cessation of
volcanic eruptions would produce a climatic warming, so
must imply a positive forcing (Gregory 2010; Gregory et al.
2013). In the long term, the small positive forcing in years
with no volcanic aerosol is balanced by the small number
of years with large negative forcing. On the other hand, if
an AOGCM control integration does not include volcanic
forcing, F = 0 for zero volcanic aerosol, and the negative
time-mean volcanic forcing in the historical experiment
produces a negative trend in ocean heat content.
Apart from this offset, the HadCM3 volcanic forcing timeseries is similar to the AR5 (Fig. 1a) and they are
strongly correlated (0.95), as expected because they were
derived by different methods from the same volcanic aerosol timeseries (Sato et al. 1993, updated). However, regression of annual means shows that the HadCM3 forcing is
only 77 % of the AR5 (Fig. 1b). Because global-mean T
is not exactly zero in sstPiHistVol (see above), the magnitude of F will be underestimated, but this effect is only 3 %
(not shown). Regression of F against global-mean volcanic
aerosol optical depth (AOD) gives a slope of −24.6 ± 0.2
for AR5 (blue line in Fig. 4), consistent with the AR5 formula of −25 W m−2 per unit AOD (Table 8.SM.8 in the
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Fig. 5  Relationship between ensemble-mean annual-mean N (difference from the control) from either the CMIP5 historicalNat or the
HadCM3 histVol experiment and annual-mean F from the HadCM3A sstPiHistVol experiment. The lines are regressions of N against F
for F < −0.22 W m−2, which is the threshold indicated by the dotted
line

supplementary material of Myhre et al. 2013), following
the results of Hansen et al. (2005, their equation 2a) from
the GISS AOGCM for Pinatubo. For HadCM3, the slope is
only −19.0 ± 0.5 W m−2 (solid black line).
We have examined this relationship also in a pair
of experiments carried out by Andrews (2014) with
HadGEM2-A, the AGCM of HadGEM2-ES (Collins et al.
2011), using the observationally derived time-dependent
sea surface boundary conditions for 1979–2008 of the
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Atmosphere Intercomparison Model Project Phase II
(Taylor et al. 2000; Hurrell et al. 2008). One experiment
includes all forcings agents, both anthropogenic and natural, and the other anthropogenic only. By the same argument as for sstPiHistVol, the difference in N between these
experiments is the natural radiative forcing. To obtain the
volcanic contribution, we subtract the AR5 estimate of
solar forcing. The AMIP period includes two major volcanic eruptions (El Chichon and Pinatubo), and the regression slope of volcanic F against AOD is −17.0 ± 1.0
W m−2 (red line in Fig. 4), weaker than in HadCM3 and
further from the AR5 formula.
We propose that the difference from the AR5 formula
is caused by rapid tropospheric adjustment (Myhre et al.
2013; Sherwood et al. 2015) in our AGCMs in response
to volcanic aerosol. By including such adjustment, the
AGCM diagnosis gives an effective radiative forcing. The
AR5 formula is based on results from a version of the
GISS AOGCM (Hansen et al. 2005) in which tropospheric
adjustment to volcanic aerosol was apparently smaller. We
apply the method of approximate partial radiative perturbation (APRP, Taylor et al. 2007) to estimate the shortwave effect of rapid cloud adjustment in HadCM3-A. It is
a positive quantity, and arises from a reduction of cloud
fraction and the planetary albedo when volcanic aerosol
is imposed. With this positive adjustment subtracted, the
HadCM3 forcing has a regression slope of −26.6 ± 0.5
W m−2 against the AOD, much closer to the AR5 value
(Fig. 4). Thus shortwave cloud adjustment would be sufficient to explain the difference, but there may also be
longwave cloud adjustment, which APRP cannot be used
to evaluate.
Rapid adjustment in shortwave cloud radiative effect
(CRE) has been previously been noted in response to
CO2 forcing in AGCMs (Gregory and Webb 2008) and
AOGCMs (Andrews et al. 2012; Zelinka et al. 2013), due
to reduction in cloudiness. In HadCM3, there is a positive
shortwave cloud adjustment of 1.7 W m−2 included in the
net 4 × CO 2 forcing of 7.7 W m−2. It is interesting and
worthy of further investigation that both negative shortwave volcanic and positive longwave CO2 forcing produce
a positive shortwave cloud forcing adjustment.
In view of the differences between the AR5 and sstPiHistVol F(t), we rerun the step model for HadCM3 histVol. First, we use the AR5 F(t) adjusted to have the same
small time-mean (−0.04 W m−2) as the HadCM3 sstPiHistVol F(t); this adjustment removes the long-term cooling trend (Fig. 3, dotted red line), which is due to the more
negative time-mean (−0.24 W m−2) of the AR5 F(t). In
fact before the Krakatau eruption there is now a warming
trend, because zero volcanic aerosol implies positive forcing. Second, using the sstPiHistVol F(t) instead of the AR5,
the step-model estimate of the HadCM3 volcanic cooling

becomes smaller in magnitude (dashed red line), and thus
more similar to the AOGCM.
Rerunning the step model for the CMIP5 historicalNat
ensemble using the HadCM3-A sstPiHistVol F(t) removes
the long-term cooling trend and reduces the magnitude of
the volcanic cooling (Fig. 2b), just as in HadCM3. This
suggests that rapid adjustments may occur in CMIP5
AOGCMs that reduce the magnitude of volcanic forcing,
and that this set of CMIP5 AOGCMs is near to steady state
with time-mean historical volcanic forcing (like HadCM3),
rather than with zero volcanic forcing (like CMIP3 models;
Gregory 2010).
We found above that Ns /F = 0.83 in the CMIP5
abrupt4xCO2 ensemble in the first year of forcing. In the
historicalNat ensemble mean, for years with significant
volcanic forcing (F < −0.22 W m−2 in the AR5 F timeseries, the threshold obtained from HadCM3, Sect. 3), the
slope of the regression of N(t) against HadCM3 volcanic
F(t) is 0.89 ± 0.08 (red line in Fig. 5), consistent with the
expected value. This is further, although circumstantial,
evidence that the volcanic forcing in the CMIP5 ensemble
mean, as in HadCM3, is less than the AR5 formula. As similar conclusion has been reached by Larson and Portmann
(2016), who use an inverse application of the step model to
estimate AOGCM forcings. Their method assumes that the
same climate feedback applies to volcanic forcing and CO2,
which is the issue we examine in the next section.

4 Climate feedback
The magnitude of cooling due to volcanic forcing is
affected by the climate feedback parameter according to
T = (F − N)/α. Therefore a third possible contribution to
the smaller cooling than expected from the TCRP is that
α for volcanic forcing is larger than for CO2 forcing. The
assumption that α is the same for both kinds of forcing is a
motivation for evaluating climate feedbacks from observations and simulations of the response to the Pinatubo and
other large eruptions (Soden et al. 2002; Forster and Collins 2004; Wigley et al. 2005; Merlis et al. 2014). There
is evidence in support of the assumption, but there are
uncertainties arising from forcing and unforced variability
(Bender et al. 2010).
To evaluate α for volcanic forcing in HadCM3, we
carried out a ten-year “step volcano” experiment, called
“abruptPin” (analogous to abrupt4xCO2, Table 2), with
constant volcanic aerosol as it was in January 1992, approximately the peak of the Pinatubo eruption. An advantage of
this method is that we do not need to know the forcing in
advance; since F = N − αT , regression of annual-mean N
versus T gives both the forcing as the N-intercept and −α
as the slope (Gregory et al. 2004). The N–T relationship
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Fig. 6  Relationship between means for years 1–10 (years 9 and 10
are too close to be distinguished in the plot) of the change in globalmean downward radiative fluxes at the top of the atmosphere and
the change in global-mean surface air temperature T in the ensemble mean of HadCM3 abruptPin integrations. Time runs from right
to left, because the climate is cooling down. The lines show linear
regressions of the radiative fluxes against T for years 1–5, whose
slopes give the components of climate feedback (W m−2 K−1) shown
in the key. A positive parameter indicates a negative feedback on
climate change, because αT opposes F if α > 0. The net forcing F
and N for the first year are marked in blue in (b). “SW” is shortwave,
“LW” longwave, “CRE” cloud radiative effect, “APRP” approximate
partial radiative perturbation. In (a) the clear-sky effect is the change
in the radiative flux diagnosed with clouds ignored (referred to as
Method II by Cess et al. 1993) and the CRE is the difference between
the all-sky (i.e. with the cloud fraction simulated by the GCM) and
the clear-sky fluxes. In (b) the APRP method is used to decompose
the change in SW radiative flux under all-sky conditions into contributions from changes in cloud-free air, cloud and surface albedo

is not quite linear (Fig. 6), which indicates that α is not
constant, as has been found under constant 4 × CO 2 in
most AOGCMs (Winton et al. 2010; Andrews et al. 2012;
Gregory et al. 2015). Unlike CO2, volcanic forcing is
short-lived, and the feedbacks in response to a “step volcano” sustained for many years are not relevant to historical eruptions. We therefore use only the first five years in
the regression, although the results are not greatly different
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for ten years, since non-linearity is not pronounced on this
timescale. The experiment comprised an ensemble of 14, to
obtain adequate signal/noise.
Before considering the feedback, we check that the forcing is consistent with the results of Sect. 3. From the regression, F = −2.7 ± 0.1 W m−2 (Fig. 6b, cf. +7.7 W m−2
for abrupt4xCO2 in HadCM3). The global-mean AOD is
0.148, so the forcing is −18.4 ± 0.1 W m−2 per unit AOD,
nearly the same as in sstPiHistVol. We presume it is slightly
different because the geographical distribution of volcanic
aerosol is variable in the historical timeseries and has a
small effect on the forcing. APRP shows that there is a positive shortwave cloud adjustment of 0.9 ± 0.1 W m−2 to the
forcing (from the intercept of this term in Fig. 6b), whereas
the forcing adjustment from surface shortwave absorption
is negligible. Excluding the adjustment increases the forcing to −25 W m−2 per unit AOD, in agreement with the
AR5 formula (as in Sect. 3).
We also evaluated the forcing of abruptPin following the
method of sstPiHistVol (Sect. 3), as the perturbation to N
in experiment sstPiPin (Table 2), which has the constant
volcanic aerosol of abruptPin in HadCM3-A with control
sea surface conditions. By this method we obtain the same
value of forcing (to one decimal place) as from abruptPin,
and the value lies on the relationship between forcing and
AOD found in sstPiHistVol (Fig. 4). Although in different
ways, both methods estimate F as N under the influence of
volcanic aerosol and in the absence of climate change; they
are therefore expected nearly to agree, and have previously
been found to do so (e.g.Hansen et al. 2005; Andrews et al.
2012).
The slope of the regression for abruptPin (Fig. 6)
gives α = 1.81 ± 0.22 W m−2 K−1, significantly larger
(by about 40 %) than its value of 1.25 ± 0.04 W m−2 K−1
from the first 20 years of abrupt4xCO2 in HadCM3
(Andrews et al. 2015). (Non-linearity is statistically insignificant during these years; regression using only the first
five gives α = 1.30 ± 0.15 W m−2 K−1.) We note that α
in abruptPin is consistent with α = 1.8 W m−2 K−1 estimated for infinitesimal changes in CO2 relative to the control; in HadCM3, α is larger for smaller step-increases in
CO2 concentration (Good et al. 2011, 2012; Gregory et al.
2015).
The ratio Ns (1)/Fs = −2.16 ± 0.12 ÷ −2.71 ± 0.13 =
0.80 ± 0.06 in abruptPin (shown in Fig. 6b, standard errors)
agrees with the regression slope of N versus F in histVol
(0.82 ± 0.10, blue line in Fig. 5), in accordance with the
step model (Sect. 2). For abrupt4xCO2 Fs in HadCM3, the
ratio Ns (1)/Fs = 6.38 ± 0.16 ÷ 7.73 ± 0.14 = 0.83 ± 0.03
i.e. the fraction of forcing taken up is slightly greater but
not significantly different for positive forcing. This is
contrary to expectation that negative forcing would cause
the ocean to lose heat more readily, by destabilising the
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vertical temperature profile (e.g. Stouffer and Manabe
1999; Bouttes et al. 2013; Merlis et al. 2014). Clearly this
is not an important effect in HadCM3 for this magnitude of
forcing.
We expect that the HadCM3 T(t) in histVol should be
consistent with the feedbacks shown in abruptPin. To
test this, we use abruptPin (instead of abrupt4xCO2) for
Ts (t) with F(t) from HadCM3-A sstPiHistVol in the step
model. Since abruptPin was only 10 years long, we set
Ts (t) = Ts (10) in Eq. 2 for all t > 10, which means that the
cooling caused by a volcanic eruption abruptly vanishes
10 years later. By this time it is actually quite small anyway, because in response to any constant forcing the differences |Ts (t) − Ts (t − 1)| diminish with time (Fig. 6), so the
response to a pulse forcing (Eq. 3) likewise decreases. This
is consistent with our expectation that the influence of a
brief forcing will gradually be forgotten as time passes and
the system returns asymptotically to its unperturbed state.
With this combination of inputs, the step model gives the
closest of its estimates to the HadCM3 histVol T(t) (blue
line in Fig. 3). This confirms that the smaller climate sensitivity to volcanic forcing during the historical period than
for elevated CO2 is also a reason for the overestimation of
volcanic cooling by the TCRP in HadCM3, although less
important than ocean heat uptake and volcanic forcing. We
are not able to test this possibility for other AOGCMs, since
similar experiments to abruptPin have not been carried out.

5 Conclusions
The zero-layer model of time-dependent climate change
T = F/ρ gives a fairly accurate reproduction of changes in
global-mean surface air temperature T(t) as observed during the CMIP5 “historical” period (since the latter part of
the 19th century) and as simulated by CMIP5 AOGCMs
in response to the smoothly varying anthropogenic part of
the forcing F(t). The transient climate response parameter
used in the zero-layer model (TCRP, the increase in T per
unit increase in F, in K W−1 m2) is evaluated from idealised climate-change experiments with CO2 increasing at
1 % yr−1. The TCRP is the reciprocal of the climate resistance ρ (W m−2 K−1), which is the sum of the climate feedback parameter α and the ocean heat uptake efficiency κ.
The zero-layer model ovestimates, by a factor of about
five, the sudden cooling in the AOGCMs caused by the
short-lived large negative forcing from volcanic aerosol following explosive volcanic eruptions. This could be due to
errors in any of the factors involved, namely F, α and κ.
With reference to the two-layer model of the Earth energy
balance (Gregory 2000; Held et al. 2010; Geoffroy et al.
2013; Gregory et al. 2015). Held et al. (2010) attributed
the overestimate to the zero layer model’s neglect of the

relatively small upper-layer heat capacity, which is unimportant for warming on multidecadal timescales forced
by increasing CO2, but dominates the response of T to
an impulsive forcing. Consequently κ does not correctly
account for the ocean heat loss.
We confirm that most of the error is due to this effect
by using the step model (Good et al. 2011) to estimate the
AOGCM response to historical volcanic forcing from the
AOGCM response to a step-change in CO2 forcing. In the
step model and the AOGCMs, ocean heat content change is
more than 80 % of the volcanic forcing during the first year,
because the upper ocean readily gives up heat, whereas heat
uptake is less than 40 % of CO2 forcing gradually increasing over decades, because it is limited by the less efficient
thermal coupling to the deeper ocean. The difference is not
due to the sign of the forcing (negative volcanic, positive
CO2), but its timescale. However, although much closer
than the zero-layer model, the step model ovestimates the
cooling simulated by AOGCMs by about 60 %, and we
explain this remaining discrepancy in terms of forcing and
feedback.
The AR5 formula (−25 W m−2 per unit AOD) overestimates the magnitude of the volcanic forcing in HadCM3
(−19 W m−2 per unit AOD) by about 30 %, and in
HadGEM2 (−17 W m−2 per unit AOD) by about 50 %.
We have shown that this can be explained in HadCM3 by
a rapid positive shortwave cloud adjustment which reduces
the magnitude of the negative volcanic forcing. This may
be a model-specific result, but the step-model simulations
suggest that the CMIP5 ensemble-mean volcanic forcing is
more similar to that of HadCM3 than to the AR5 estimate,
which was based on the GISS AOGCM (Hansen et al.
2005).
We find that the climate feedback parameter α is about
40 % greater (climate sensitivity parameter smaller) for
volcanic forcing than for 4 × CO 2 in HadCM3. This
could be related to the different natures of the forcing, or it
might be that α depends on CO2 concentration (Jonko et al.
2012; Meraner et al. 2013; Caballero and Huber 2013;
Gregory et al. 2015), for which the value applicable in the
historical period is nearer to the pre-industrial CO2 concentration than to 4 × CO 2. Because volcanic perturbations
to climate in the historical period are short-lived and comparable in magnitude to unforced interannual variability, a
large ensemble is needed to evaluate α with this precision,
and consequently we cannot determine whether the CMIP5
models also show this effect.
It would be useful for investigation of volcanic forcing
and feedback in CMIP6 if ensemble experiments were conducted with historical volcanic aerosol as the only forcing
agent in each AOGCM, to diagnose the climate response,
and with the corresponding AGCMs with prescribed sea
surface conditions, to diagnose the radiative forcing. This
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would reveal whether other models also exhibit a cloud
adjustment and a lower climate sensitivity for volcanic
forcing, and offer the opportunity for analysis of the processes involved. Overestimated historical volcanic forcing, and overestimated climate sensitivity to such forcing, are possible explanations for the need to scale down
the forcing in simple climate models in order to reproduce
AOGCM results for volcanic cooling (Meinshausen et al.
2011; Lewis and Curry 2015).
An alternative to the use of a large ensemble to investigate the climate response to volcanic eruptions of the size
that is typical of the historical period might be to improve
the signal/noise by multiplying historical volcanic aerosol
in an AOGCM by a large factor. However, this procedure
may give inappropriate values for the feedback and forcing. For example, Jones et al. (2005) simulated a “supervolcano” of roughly the size of the Toba eruption 72 ka
ago, which was two orders of magnitude greater than Pinatubo, using HadCM3 with Pinatubo volcanic aerosol multiplied by 100. The peak forcing was about −60 W m−2,
only 20 times greater than Pinatubo, and the climate feedback parameter α ≃ 4 W m−2 K−1, more than twice the
value (half the sensitivity) that we found for Pinatubo in
HadCM3. The mechanisms for this are not a subject of the
present work, but we note that α for volcanic aerosol of ten
times the magnitude of Pinatubo exceeds 2 W m−2 K−1 in
HadGEM2 and MPI-ESM1.1 (a revised version of MPIESM of Giorgetta et al. 2013) as well.
If α for volcanic forcing is larger than for CO2 (its efficacy is less than unity, in the terms of Hansen et al. 2005),
the method of Forster and Taylor (2006), used to evaluate
the forcings in historical CMIP5 experiments by Forster
et al. (2013), will underestimate the magnitude of the volcanic forcing, because it assumes that α is the same for all
forcing agents. If α is not the same, the response to historical volcanic eruptions cannot be used to estimate the effective or equilibrium climate sensitivity that applies to future
CO2-forced climate change.
Merlis et al. (2014) considered the possibility of using
the climate response to volcanic (Pinatubo) forcing to place
constraints on the TCRP for CO2 increase in the GFDLCM2.1 AOGCM. As we have seen, the volcanic cooling
itself is not correctly predicted by the TCRP, but they follow an alternative and novel approach in their analysis by
using the upper-layer model (Cu dT /dt = F − ρT , Eq. 1)
in a time-integral form



τ

F dt − ρ
0



0

τ

T dt =



= T (τ ) − T (0) = 0 ⇒

τ

Cu

0

0
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dT
dt
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τ

F dt = ρ



0

τ

T dt,

where the time-integral runs from t = 0 when the volcanic forcing begins, to t = τ , sufficiently long after the
eruption that the recovery of T from the volcanic cooling
is complete (they assume 15 years). Because the upper
ocean heat content is the same at the end as at the beginning, its heat capacity Cu is irrelevant in this integral
form, which therefore agrees with the zero-layer model
F = ρT .
The duration of the volcanic forcing is small compared
with τ , so a reasonably accurate picture is that the forcing and the consequent sudden drop in T take place almost
instantaneously at the start, and for most of the time-integration F is zero, while T is recovering back towards zero.
This means that the time-integral method mainly measures the climate feedback parameter and the TCRP which
apply to the relaxation towards the steady state following
the perturbation, rather than during the perturbation itself,
which happens very quickly. Merlis et al. (2014) find
that the TCRP from the time-integral method is 5–15 %
smaller than the TCRP for gradual CO2-forced warming
in their AOGCM. It could be that this difference is partly
due to a larger α in response to volcanic forcing, as we
have found.
In summary, we conclude that the zero-layer model and
the TCRP are not applicable to the rapid cooling due to
volcanic forcing, mostly because of the importance of the
upper-ocean heat capacity on short timescales. However,
simple models may also overestimate the the volcanic
cooling simulated by AOGCMs because the climate sensitivity parameter is smaller for volcanic forcing, and the
volcanic effective radiative forcing is reduced by rapid
adjustment.
Acknowledgments This work was stimulated by the international
seminar on causes of recent temperature trends and their implications
for projections in April 2014, sponsored by the Royal Society, and by
the workshop on climate sensitivity and transient climate response
in March 2015, sponsored by the Max Planck Society. We benefited
from discussion with colleagues at these events, and with Mark Webb
and Mark Ringer about the relationship of pulse- and step-forcing.
We are grateful for the comments of the anonymous referees on this
paper. The research leading to these results has received funding from
the European Research Council under the European Community’s
Seventh Framework Programme (FP7/2007-2013), ERC Grant Agreement Number 247220, project “Seachange”. Work at the Hadley Centre was supported by the Joint DECC/Defra Met Office Hadley Centre
Climate Programme (GA01101). We acknowledge the World Climate
Research Programme’s Working Group on Coupled Modelling, which
is responsible for CMIP, and we thank the climate modeling groups
(listed in Table 1 of this paper) for producing and making available
their model output. For CMIP the US Department of Energy’s Program for Climate Model Diagnosis and Intercomparison provides
coordinating support and led development of software infrastructure
in partnership with the Global Organization for Earth System Science
Portals.

Small global-mean cooling due to volcanic radiative forcing
Open Access This article is distributed under the terms of the
Creative Commons Attribution 4.0 International License (http://creativecommons.org/licenses/by/4.0/), which permits unrestricted use,
distribution, and reproduction in any medium, provided you give
appropriate credit to the original author(s) and the source, provide a
link to the Creative Commons license, and indicate if changes were
made.

References
Andrews T (2014) Using an AGCM to diagnose historical effective
radiative forcing and mechanisms of recent decadal climate
change. J Clim 27:1193–1209. doi:10.1175/JCLI-D-13-00336.1
Andrews T, Gregory JM, Webb MJ, Taylor KE (2012) Forcing, feedbacks and climate sensitivity in CMIP5 coupled atmosphereocean climate models. Geophys Res Lett 39(7):L09,712. doi:10.
1029/2012GL051607
Andrews T, Gregory JM, Webb MJ (2015) The dependence of radiative forcing and feedback on evolving patterns of surface temperature change in climate models. J Clim 28:1630–1648.
doi:10.1175/JCLI-D-14-00545.1
Bender FAM, Ekman AML, Rodhe H (2010) Response to the eruption
of mount pinatubo in relation to climate sensitivity in the CMIP3
models. Clim Dyn 35:875–886. doi:10.1007/s00382-010-0777-3
Bindoff NL, Stott PA, AchutaRao KM, Allen MR, Gillett N, Gutzler
D, Hansingo K, Hegerl G, Hu Y, Jain S, Mokhov II, Overland
J, Perlwitz J, Sebbari R, Zhang X (2013) Detection and attribution of climate change: from global to regional. In: Stocker TF,
Qin D, Plattner GK, Tignor M, Allen SK, Boschung J, Nauels A, Xia Y, Bex V, Midgley PM (eds) Climate change 2013:
the physical science basis. Contribution of working group I to
the fifth assessment report of the intergovernmental panel on
climate change. Cambridge University Press. doi:10.1017/
CBO9781107415324.022
Boer GJ, Stowasser M, Hamilton K (2007) Inferring climate sensitivity from volcanic events. Clim Dyn 28:481–502. doi:10.1007/
s00382-006-0193-x
Bouttes N, Gregory JM, Lowe JA (2013) The reversibility of sea level
rise. J Clim 26:2502–2513. doi:10.1175/JCLI-D-12-00285.1
Caballero R, Huber M (2013) State-dependent climate sensitivity in
past warm climate and its implications for future climate projections. Proc Natl Acad Sci USA 110:14162–14167. doi:10.1073/
pnas.1303365110
Cess RD, Zhang MH, Potter GL, Barker HW, Colman RA, Dazlich
DA, Del Genio AD, Esch M, Fraser JR, Galin V, Gates WL,
Hack JJ, Ingram WJ, Kiehl JT, Lacis AA, Le Treut H, Li ZX,
Liang XZ, Mahfouf JF, McAvaney BJ, Meleshko VP, Morcrette
JJ, Randall DA, Roeckner E, Royer JF, Sokolov AP, Sporyshev
PV, Taylor KE, Wang WC, Wetherald RT (1993) Uncertainties in
carbon dioxide radiative forcing in atmospheric general circulation models. Science 262:1252–1255
Church JA, Clark PU, Cazenave A, Gregory JM, Jevrejeva S, Levermann A, Merrifield MA, Milne GA, Nerem RS, Nunn PD, Payne
AJ, Pfeffer WT, Stammer D, Unnikrishnan AS (2013) Sea level
change. In: Stocker TF, Qin D, Plattner GK, Tignor M, Allen
SK, Boschung J, Nauels A, Xia Y, Bex V, Midgley PM (eds) Climate change 2013: the physical science basis. Contribution of
working group I to the fifth assessment report of the intergovernmental panel on climate change. Cambridge University Press.
doi:10.1017/CBO9781107415324.026
Collins M, Knutti R, Arblaster JM, Dufresne J, Fichefet T,
Friedlingstein P, Gao X, Gutowski WJ, Johns T, Krinner
G, Shongwe M, Tebaldi C, Weaver AJ, Wehner M (2013)

Long-term climate change: projections, commitments and
irreversibility. In: Stocker TF, Qin D, Plattner GK, Tignor
M, Allen SK, Boschung J, Nauels A, Xia Y, Bex V, Midgley
PM (eds) Climate change 2013: the physical science basis.
Contribution of working group I to the fifth assessment
report of the intergovernmental panel on climate change.
Cambridge University Press, pp 1029–1136. doi:10.1017/
CBO9781107415324.024
Collins WJ, Bellouin N, Doutriaux-Boucher M, Gedney N, Halloran
P, Hinton T, Hughes J, Jones CD, Joshi M, Liddicoat S, Martin
G, O’Connor F, Rae J, Senior C, Sitch S, Totterdell I, Wiltshire
A, Woodward S (2011) Development and evaluation of an earthsystem model: HadGEM2. Geosci Model Dev 4:1051–1075.
doi:10.5194/gmd-4-1051-2011
Cubasch U, Meehl GA, Boer GJ, Stouffer RJ, Dix M, Noda A, Senior CA, Raper SCB, Yap KS (2001) Projections of future climate change. In: Houghton JT, Ding Y, Griggs DJ, Noguer M,
van der Linden P, Dai X, Maskell K, Johnson CI (eds) Climate
change 2001: the scientific basis. Contribution of working group
I to the third assessment report of the intergovernmental panel
on climate change. Cambridge University Press, Cambridge, pp
525–582
Ding Y, Carton JA, Chepurin GA, Stenchikov G, Robock A, Sentman
LT, Krasting JP (2014) Ocean response to volcanic eruptions in
coupled model intercomparison project 5 simulations. J Geophys
Res 119:5622–5637. doi:10.1002/2013JC009780
Driscoll S, Bozzo A, Gray LJ, Robock A, Stenchikov G (2012)
Coupled model intercomparison project 5 (CMIP5) simulations of climate following volcanic eruptions. J Geophys Res
117(D17):105. doi:10.1029/2012JD017607
Forster PM, Andrews T, Good P, Gregory JM, Jackson LS, Zelinka
M (2013) Evaluating adjusted forcing and model spread for historical and future scenarios in the CMIP5 generation of climate
models. J Geophys Res 118:1–12. doi:10.1002/jgrd.50174
Forster PMDF, Taylor KE (2006) Climate forcings and climate sensitivities diagnosed from coupled climate model integrations. J
Clim 19(23):6181–6194
Forster PMDF, Collins M (2004) Quantifying the water vapour feedback associated with post-Pinatubo global cooling. Clim Dyn
23(2):207–214
Geoffroy O, Saint-Martin D, Olivié DJL, Voldoire A, Bellon G, Tytéca
S (2013) Transient climate response in a two-layer energy-balance model. Part I: analytical solution and parameter calibration using CMIP5 AOGCM experiments. J Clim 26:1841–1857.
doi:10.1175/JCLI-D-12-00195.1
Giorgetta MA, Jungclaus J, Reick CH, Legutke S, Bader J, Boettinger M, Brovkin V, Crueger T, Esch M, Fieg K, Glushak K,
Gayler V, Haak H, Hollweg HD, Ilyina T, Kinne S, Kornblueh
L, Matei D, Mauritsen T, Mikolajewicz U, Mueller W, Notz D,
Pithan F, Raddatz T, Rast S, Redler R, Roeckner E, Schmidt H,
Schnur R, Segschneider J, Six KD, Stockhause M, Timmreck C,
Wegner J, Widmann H, Wieners KH, Claussen M, Marotzke J,
Stevens B (2013) Climate and carbon cycle changes from 1850
to 2100 in MPI-ESM simulations for the Coupled Model Intercomparison Project phase 5. J Adv Model Earth Syst 5:572–597.
doi:10.1002/jame.20038
Good P, Gregory JM, Lowe JA (2011) A step-response simple climate
model to reconstruct and interpret AOGCM projections. Geophys Res Lett 38(L01):703. doi:10.1029/2010GL045208
Good P, Ingram W, Lambert FH, Lowe JA, Gregory JM, Webb MJ,
Ringer MA, Wu P (2012) A step-response approach for predicting and understanding non-linear precipitation changes. Clim
Dyn 39:2789–2803. doi:10.1007/s00382-012-1571-1
Good P, Lowe JA, Andrews T, Wiltshire A, Chadwick R, Ridley JK,
Menary MB, Bouttes N, Dufresne JL, Gregory JM, Schaller N,

13

J. M. Gregory et al.
Shiogama H (2015) Nonlinear regional warming with increasing
CO2 concentration. Nat Clim Change. doi:10.1038/nclimate2498
Gordon C, Cooper C, Senior CA, Banks H, Gregory JM, Johns TC,
Mitchell JFB, Wood RA (2000) The simulation of SST, sea
ice extents and ocean heat transports in a version of the Hadley centre coupled model without flux adjustments. Clim Dyn
16:147–168
Gregory JM (2000) Vertical heat transports in the ocean and their
effect on time-dependent climate change. Clim Dyn 16:501–515.
doi:10.1007/s003820000059
Gregory JM (2010) Long-term effect of volcanic forcing on ocean
heat content. Geophys Res Lett 37(L22):701. doi:10.1029/201
0GL045507
Gregory JM, Forster PM (2008) Transient climate response estimated
from radiative forcing and observed temperature change. J Geophys Res 113(D23):105. doi:10.1029/2008JD010405
Gregory JM, Webb MJ (2008) Tropospheric adjustment induces a
cloud component in CO2 forcing. J Clim 21:58–71. doi:10.117
5/2007JCLI1834.1
Gregory JM, Ingram WJ, Palmer MA, Jones GS, Stott PA, Thorpe
RB, Lowe JA, Johns TC, Williams KD (2004) A new method
for diagnosing radiative forcing and climate sensitivity. Geophys
Res Lett 31(L03):205. doi:10.1029/2003gl018747
Gregory JM, Bi D, Collier MA, Dix MR, Hirst AC, Hu A, Huber
M, Knutti R, Marsland SJ, Meinshausen M, Rashid HA, Rotstayn LD, Schurer A, Church JA (2013) Climate models without
pre-industrial volcanic forcing underestimate historical ocean
thermal expansion. Geophys Res Lett 40:1–5. doi:10.1002/
grl.50339
Gregory JM, Andrews T, Good P (2015) The inconstancy of the transient climate response parameter under increasing CO2. Philos
Trans R Soc Lond A 373:20140417. doi:10.1098/rsta.2014.0417
Hansen J, Sato M, Rudy R, Nazarenko L, Lacis A, Schmidt GA, Russell G, Aleinov I, Bauer M, Bauer S, Bell N, Cairns B, Canuto
V, Chandler M, Cheng Y, Del Genio A, Faluvegi G, Fleming E,
Friend A, Hall T, Jackman C, Kelley M, Kiang N, Koch D, Lean
J, Lerner J, Lo K, Menon S, Miller R, Romanou A, Shindell D,
Stone P, Sun S, Tausnev N, Thresher D, Wielicki B, Wong T, Yao
M, Zhang S (2005) Efficacy of climate forcings. J Geophys Res
110(D18):104. doi:10.1029/2005JD005776
Held IM, Winton M, Takahashi K, Delworth T, Zeng F, Vallis GK
(2010) Probing the fast and slow components of global warming
by returning abruptly to preindustrial forcing. J Clim 23:2418–
2427. doi:10.1175/2009JCLI3466.1
Hurrell JW, Hack JJ, Shea D, Caron JM, Rosinski J (2008) A new sea
surface temperature and sea ice boundary dataset for the community atmosphere model. J Clim 21:5145–5153. doi:10.1175/
2008JCLI2292.1
Jones GS, Gregory JM, Stott PA, Tett SFB, Thorpe RB (2005) An
AOGCM simulation of the climate response to a volcanic
super-eruption. Clim Dyn 25(7–8):725–738. doi:10.1007/
s00382-005-0066-8
Jonko AK, Shell KM, Sanderson BM, Danabasoglu G (2012) Climate
feedbacks in CCSM3 under changing CO2 forcing. Part II: variation of climate feedbacks and sensitivity with forcing. J Clim
26:2784–2795. doi:10.1175/JCLI-D-12-00479.1
Larson EJL, Portmann RW (2016) A temporal kernel method to compute effective radiative forcing in CMIP5 transient simulations. J
Clim 29:1497–1509. doi:10.1175/JCLI-D-15-0577.1
Levitus S, Antonov JI, Wang J, Delworth TL, Dixon KW, Broccoli AJ
(2001) Anthropogenic warming of the Earth’s climate system.
Science 292:267–270
Lewis N, Curry JA (2015) The implications for climate sensitivity
of AR5 forcing and heat uptake estimates. Clim Dyn 45:1009–
1023. doi:10.1007/s00382-014-2342-y

13

Maher N, McGregor S, England MH, Gupta AS (2015) Effects of volcanism on tropical variability. Geophys Res Lett 42(14):6024–
6033. doi:10.1002/2015gl064751
Meinshausen M, Smith SJ, Calvin K, Daniel JS, Kainuma MLT,
Lamarque JF, Matsumoto K, Montzka SA, Raper SCB, Riahi
K, Thomson A, Velders GJM, van Vuuren DPP (2011) The
RCP greenhouse gas concentrations and their extensions
from 1765 to 2300. Clim Change 109:213–241. doi:10.1007/
s10584-011-0156-z
Meraner K, Mauritsen T, Voigt A (2013) Robust increase in equilibrium climate sensitivity under global warming. Geophys Res
Lett 40:5944–5948. doi:10.1002/2013GL058118
Merlis TM, Held IM, Stenchikov GL, Zeng F, Horowitz LW (2014)
Constraining transient climate sensitivity using coupled climate
model simulations of volcanic eruptions. J Clim. doi:10.1175/
JCLI-D-14-00214.1
Morice CP, Kennedy JJ, Rayner NA (2012) Quantifying uncertainties
in global and regional temperature change using an ensemble of
observational estimates: the HadCRUT4 data set. J Geophys Res
117(D08):101. doi:10.1029/2011JD017187
Myhre G, Shindell D, Bréon FM, Collins W, Fuglestvedt J, Huang J,
Koch D, Lamarque JF, Lee D, Mendoza B, Nakajima T, Robock A, Stephens G, Takemura T, Zhang H (2013) Anthropogenic and natural radiative forcing. In: Stocker TF, Qin D,
Plattner GK, Tignor M, Allen SK, Boschung J, Nauels A, Xia
Y, Bex V, Midgley PM (eds) Climate change 2013: the physical science basis. Contribution of working group I to the fifth
assessment report of the intergovernmental panel on climate
change. Cambridge University Press, pp 659–740. doi:10.1017/
CBO9781107415324.018
Oman L, Robock A, Stenchikov G, Schmidt GA, Ruedy R (2005)
Climatic response to high-latitude volcanic eruptions. J Geophys
Res 110(D13):103. doi:10.1029/2004JD005487
Raper SCB, Gregory JM, Stouffer RJ (2002) The role of climate sensitivity and ocean heat uptake on AOGCM transient temperature
response. J Clim 15:124–130
Reichler T, Kim J (2008) How well do coupled models simulate today’s climate? Bull Am Meteorol Soc 89(3):303–311.
doi:10.1175/BAMS-89-3-303
Sato M, Hansen JE, McCormick MP, Pollack JB (1993) Stratospheric aerosol optical depths (1850–1990). J Geophys Res
98(D12):22,987–22,994
Sherwood S, Bony S, Boucher O, Bretherton C, Forster P, Gregory
J, Stevens B (2015) Adjustments in the forcing-feedback framework for understanding climate change. Bull Am Meteorol Soc
96:217–228. doi:10.1175/BAMS-D-13-00167.1
Soden BJ, Wetherald RT, Stenchikov GL, Robock A (2002) Global
cooling after the eruption of Mount Pinatubo: a test of climate
feedback by water vapor. Science 296:727–730
Stouffer RJ, Manabe S (1999) Response of a coupled ocean-atmosphere model to increasing atmospheric carbon dioxide: sensitivity to the rate of increase. J Clim 12:2224–2237
Taylor KE, Williamson D, Zwiers F (2000) The sea surface temperature and sea ice concentration boundary conditions for
AMIP II simulations. Lawrence Livermore National Laboratory, pCMDI report 60, program for climate model diagnosis and
intercomparison
Taylor KE, Crucifix M, Braconnot P, Hewitt CD, Doutriaux C,
Broccoli AJ, Mitchell JFB, Webb MJ (2007) Estimating shortwave radiative forcing and response in climate models. J Clim
20:2530–2543
Thompson DWJ, Wallace JM, Jones PD, Kennedy JJ (2009) Identifying signatures of natural climate variability in time series of
global-mean surface temperature: methodology and insights. J
Clim 22:6120–6141. doi:10.1175/2009JCLI3089.1

Small global-mean cooling due to volcanic radiative forcing
Wigley TML, Amman CM, Santer BD, Raper SB (2005) Effect of climate sensitivity on the response to volcanic forcing. J Geophys
Res 110(D09):107. doi:10.1029/2004JD005557
Winton M, Takahashi K, Held IM (2010) Importance of ocean heat
uptake efficacy to transient climate change. J Clim 23:2333–
2344. doi:10.1175/2009JCLI3139.1

Zelinka MD, Klein SA, Taylor KE, Andrews T, Webb MJ, Gregory
JM, Forster PM (2013) Contributions of different cloud types
to feedbacks and rapid adjustments in CMIP5. J Clim 26:5007–
5027. doi:10.1175/JCLI-D-12-00555.1

13

